A globally aggregated mode! of the carbon cycle with an upwelling/diffusion ocean and a 6-box biosphere is developed to consistently reconstruct the carbon cycle and isotopic variation in the atmosphere and oceans. The calculated atmospheric 613C trend, based on a model that reproduces the CO, concentration record, agrees well with the observed ice core and tree-ring 613C records. The model has also been used to estimate the 613C of oceanic dissolved inorganic carbon, and our model results match observations well within the range of observational uncertainty. This model is found to also match measured values (within measurement error) of the pre-bomb decrease in 14C in the atmosphere and the mixed layer due to the Suess Eflect, the bomb-14C in the mixed layer, the bomb-14C penetration depth, the bomb-14C ocean inventory, and the vertical distribution of total dissolved carbon and I4C. In addition, the model is used to close the balance between the rates of increase of global inventory and of bomb production of radiocarbon. Our confidence in both the global aggregation of data and our understanding of global carbon cycle is strengthened by the consistency between carbon isotope concentration data and model results.
Introduction
The emission of carbon dioxide to the atmosphere by the burning of fossil fuels and changes in land use has led to an increase in the atmospheric concentration of carbon dioxide, a green-* house gas, which can effect the global climate.
However, the ability to predict how the carbon cycle responds to the emission of carbon dioxide, changes in land use, and changes in climate, relies on the understanding of the global carbon cycle, which stems from the ability to describe pertinent carbon cycle mechanisms and the measured behavior of the past carbon cycle.
In studies of global carbon cycle, models are * Corresponding author:
email: jain@atmos.uiuc.edu used to apply the understanding of carbon cycle mechanisms to the prediction of the atmospheric concentration of carbon dioxide. The dissolution of C O , in the oceans and the incorporation of C O , in the terrestrial biosphere are thought to be the primary sinks of C O , emitted to the atmosphere over time scales of decades to centuries. While detailed understanding of these processes adds to the ability to describe the carbon cycle, this understanding is incomplete. Therefore, carbon cycle models rely on the observed behavior of past changes in the carbon cycle to calibrate or test the model's ability to represent the carbon cycle. Models are then applied under the assumption that the carbon cycle behaves according to the combined understanding of detailed yet incomplete description of the pertinent mechanisms and measurable past behavior.
There are three isotopes of carbon ("C, I3C and 14C) 'present in the atmosphere, the terrestrial biosphere and the oceans that are useful in interpreting the behavior of carbon cycle. The small size of the global ocean and terrestrial carbon sinks relative to the precision with which the globally aggregated size of the ocean and terrestrial biospheric carbon reservoirs can be surveyed is a barrier to the direct measurement of the carbon sinks. We resort to the interpretation of measurable changes in isotopic concentrations in the oceans and atmosphere to infer the size of carbon sinks and to check the consistency with carbon cycle models. The atmospheric ratios of 13C to 12C have exhibited measurable variations in both space and time. The 13C ratio differs between the atmosphere, oceans, the biosphere, and fossil fuels. The primary factor causing this isotopic variability is the fractionation of "C relative to lZC during certain biological transformations of compounds containing carbon. A classic example of an isotopically selective process is photosynthesis where CO, along with inorganic nutrients are consumed by plants to form organic compounds. This process discriminates against 13C resulting in organic carbon that is significantly depleted in 13C relative to the atmosphere or ocean reservoirs from which the carbon originates. Respiration (the reverse process of photosynthesis where organic carbon is metabolized to CO,) is largely non-isotopically selective. This means that respired CO, has an isotopic abundance that is very similar to the l3C/l2C ratio of the organic carbon substrate, and therefore is also depleted in 13C with respect to atmospheric CO,. Fossil fuels retain the isotopic composition of the ancient organic carbon of which they are made. The burning of fossil fuels releases CO, to the atmosphere that has a low 13C/12C similar to respired biospheric carbon. Thus, the history of l3C/lZC isotope ratio of the atmospheric carbon can be partially related to changes in the size of, and exchange rate between, the various terrestrial carbon reservoirs, and CO, emission from the burning of fossil fuel. At the same time, 13C isotope is fractionated to a lesser extent during the formation of calcite (CaCO,) in the oceans. The variation in the ratio of 13C/12C throughout the ocean can be used to indicate the relative importance of the above processes in the distribution of carbon in the oceans.
Radiocarbon, the 14C isotope with a half-life of 5730 years, is present in atmospheric CO, with a 14C/12C ratio of about lo-". Over time scales of thousands of years, radiocarbon lost from the atmosphere by radioactive decay or transfer to the oceans or to the biosphere is replenished by the generation of radiocarbon in the upper atmosphere by cosmic radiation. Ancient carbon sequestered in fossil fuels, however, contains virtually n o radiocarbon. The detection of the dilution of atmospheric 14C caused by fossil fuel emission of CO, by Suess (1955) showed the potential which 14C-analysis holds for studies of the carbon 1 cycle and its response to perturbations. There are two other ways in which radiocarbon can also serve as a useful tracer of ocean carbon uptake. &. First, the radiocarbon abundance in the deep ocean water indicates the length of time the ocean water has been prevented from exchanging carbon with the atmosphere, and is used to infer the behavior of deep ocean circulation. Second, the measurable change in ocean radiocarbon concentration caused by radiocarbon produced in the atmosphere during the era (1950 to 1963) of atmospheric nuclear weapons testing can be used to infer the extent of the transport of carbon in the upper kilometer of the oceans. It has been hypothesized (Broecker et al., 1980 ) that models capable of reproducing the distribution of bombproduced radiocarbon in the oceans will also be capable of predicting the uptake of anthropogenic CO, because both have a similar characteristic time scale (w20 yr). These characteristics of the radiocarbon distribution provide a means of testing the validity of models that simulate air-sea exchange of CO, and the transport of carboncontaining molecules in the ocean. There has been a history of studies that have made use of comparisons to data on C 0 , , 13C and 14C concentrations in the atmosphere and * oceans to calibrate or check our understanding of changes in the carbon cycle over the past century. Globally aggregated models (Oeschger et al., 1975; . Broecker et al., 1980; Enting and Pearman, 1987; Siegenthaler and Oeschger, 1987; Siegenthaler and Joos, 1992; Broecker and Peng, 1994; Hesshaimer et al., 1994; Shaffer and Sarmiento, 1995; Jain et al., 1995) have been used to compare to global mean data for the atmosphere and depth dependent data for the oceans. Spatial variations of isotopic ratios of carbon have been used as a check on three-dimensional ocean tracer models (Maier-Reimer add Hasselmann, 1987; Sarmiento et al., 1992; Maier-Reimer, 1993) . Spatial gradients in atmospheric composition have been used to infer the spatial distribution of sources and sinks (Keeling et al., 1989; Tans et al., 1990; Cias et al., 1995) .
In this study we apply a self-consistent model for globally-aggregated cycles of IZC, 13C and 14C. The model contains nine carbon reservoirs, including a depth-dependent ocean. This model has been used to reconstruct the past carbon budget (Kheshgi et al., 1996) , analyze future scenarios for carbon emissions (Jain et al., 1994b) , and results have been compared with other carbon cycle models (Enting et al., 1994) . We present in this paper a model-estimated pre-anthropogenic steady-state and transient reconstruction of past distributions of carbon and its isotopes, which are governed by the transport, fractionation, and radioactive decay processes discussed above along with estimates of emissions from fossil fuel burning and changes in land use. We also compare the model reconstruction of the past cycles of 12C, 13C and 14C to currently-available historical record of global-mean data for the atmosphere and depthdependent data for the oceans.
Model description
A nine-reservoir model of the global carbon cycle has been developed to estimate the isotopic anomaly in the atmosphere and the ocean, Fig. 1 ( Jain et al., 1994a; Jain et al., 1995) . The model consists of a homogeneous atmosphere, ocean mixed layer and land biosphere boxes, and a vertically-resolved upwelling-diffusion deep ocean. The detailed description of the ocean and biospheric components of this model are given by Jain et al. (1995), and Kheshgi et al. (1996) , respectively. In our model, the thermohaline circu-.. lation is schematically represented by polar bottom water formation, with the return flow upwelling through the 1-D water column to the surface ocean from where it is returned, through the polar sea, as bottom water to the bottom of the ocean column thereby completing the thermohaline circulation. The response of bottom-water carbon concentration to changes in the mixedlayer concentration is modeled parametrically by the parameter n=0.5 as described in detail by Jain et al. (1995) . A marine biosphere source term is included in the deep sea associated with the oxidation of the organic debris exported from the mixed layer where it is produced by photosynthesis (Jain et al., 1995; Volk and Hoffert, 1985) . In our model, the surface ocean marine biogenic flux of carbon is 8.5 GtC/yr (Table 1 ) which lies at the middle of the observed range from 2 to 20 GtC/yr (Sundquist, 1985; Siegenthaler and Sarmiento, 1993 ). The two model-ocean dynamic parameters (eddy diffusivity K, and advection velocity w) are calibrated by matching the natural 14C distribution in the deep ocean. The values of K and w required to match the pre-industrial, vertical profile of 14C are 4700 m2/yr and 3.5 m/yr. The carbonate equilibrium in the mixed ocean layer is calculated from the full set of chemical equations as described by Peng et al. (1987) .
The global-mean gas-exchange rate at preindustrial CO, concentration of 278 ppm is 17.0 mol/m2/yr was estimated from the I4C balance of the atmosphere and ocean surface reservoirs (Jain et al., 1995) for the steady state (1765) concentrations listed in Table 1 . Our value is slightly lower than that adopted by Hesshaimer et a1.(1994) of 17.4 mol/m2/yr and Broecker and Peng (1994) of 17.8 mol/m2/yr. Toggweiler et al. (1989) estimated the global-mean gas-exchange rate value of 16.6 mol/m2/yr which is slightly lower than our estimated value. Our value is also higher than the value of 15.2 mol/m2/yr obtained by Siegenthaler and Joos (1992) . It is important to note that our estimated gas exchange rate value is within the range of other model studies.
To estimate terrestrial biospheric fluxes, a sixbox globally aggregated terrestrial biosphere submodel is coupled to the atmosphere box (Fig. 1) . The terrestrial biosphere model is made up of six boxes which represent ground vegetation, nonwoody tree parts, woody tree parts, detritus, mobile soil with a turnover time 70 years, and resistant soil with a turnover time 500 years. The mass of carbon contained in the different reservoirs and their turnover times as well as the rates of exchange between them have been based on the analysis by Harvey (1989) and Kheshgi et al. (1996) . The effects of land use are included by changing (decreasing with time) the total productive land area covered by the terrestrial biosphere. The carbon mass in each of the boxes is propor- tional to the total productive land area. Decreases in area lead to C O , emissions due to changes in land use as well as a decrease in the global rate of carbon exchange with the (smaller) biosphere. A simple model representation of biospheric feedbacks to changes in the atmospheric concentration of C O , and the global mean-annual near-surface ' temperature are included. An increase in the rate of net photosynthesis (NP) or net primary productivity (NPP, equal to NP minus respiration by. woody tree parts) by terrestrial biota, relative to preindustrial times, is modeled to be proportional to the logarithm of the relative increase in atmospheric C O , concentration from its pre-industrial value of 278 parts per million (ppm). The magnitude of the modeled biospheric sink depends primarily on the chosen value of the proportionality constant / 3 known as the C O , fertilization factor (Harvey, 1989; Wigley, 1993) . The value of 8=0.39 used in, the current study leads to a reconstruction of the past carbon cycle, described in the next section, which is consistent with a land use emission estimate of 11.0 gigaton of carbon (GtC) for the decade 1980 -1989 (IPCC, 1996 . In addition, the rate coefficients for exchange to and from terrestrial biosphere boxes (respiration and photosynthesis) vary with global mean annual temperature (which is calculated by an energy balance climate model (Jain et al., 1994b) consistent with the model used by IPCC (IPCC, 1990 (IPCC, , 1992 (IPCC, , 1996 ) according to an Arrhenius law (Harvey, 1989) . The mechanism for biospheric feedbacks are not well known, leading to significant uncertainty in the prediction of the behavior of the future carbon cycle. The past net biospheric uptake, however, is constrained by the past carbon budget. We d o not expect the past uptake of carbon isotopes to be highly sensitive to the mechanism for biospheric feedback, nor the split between of the net biospheric uptake between emissions from changes in land use or biospheric feedback. If this expectation is true, then isotopic data will have limited use in constraining the cause for changes in biospheric carbon, but rather only the net biospheric sink.
We also include the effects of changes in land use, and a model representation of changes in the metabolism of the terrestrial biosphere in response to changes in the atmospheric environment. Land use emissions are assumed to come from each of the terrestrial biosphere boxes in proportion to the mass of carbon in the box. Photosynthesis and respiration rates are adjusted so that the terrestrial biosphere model will not exhibit regrowth from a previously specified land use emission.
The cycles of 13C and 14C are modeled by additional systems of equations of similar form as for total carbon, except for the inclusion of fractionation, radioactive decay of 14C, and cosmogenic production of 14C. A detailed description of the model equations for the atmosphere, ocean, and terrestrial reservoirs of CO, and its isotopes are given by Jain et al. (1995), and Kheshgi et al. (1996) . Numerical values of the principal model parameters are given in Table 1 . The 13C fractionation coefficients for atmosphere to ocean transfer and vice-versa are adopted from Siegenthaler and Miinnich (1981) . The 13C fractionation coefficients for terrestrial and marine biospheres are taken from Broecker and Peng(1982) and Keeling et al. (1989) . The 14C fractionation coefficients for all processes are simply the square of those for 13C (Keeling, 198 1) .
In this paper, the 13C concentrations are expressed as 613C, which is the relative deviation from the Peedee Belemnite standard expressed in permil (%a) as The 14C concentrations are expressed here in the A14c notation, which is normally defined as the deviation of 13C-normalized concentration from that of the oxalic acid standard (at the National Bureau of Standards, USA) expressed in permil (%o) (Stuiver and Pollach, 1977) :
where However, the observation-based estimates of atmospheric A14Ci (Stuiver and Quay, 1980; Broecker et al., 1985) have been calculated by the approximation of (2) by
as originally proposed by Broecker and Olson (1959) . We, therefore, have chosen to use (4) to define A14Ci for our model-based estimates.
The mass ratios of the standard's concentrations of 13C and 14C to that of total carbon are (Keeling, 198 1):
The mass ratios of 13c and 14C to total carbon in the i'th reservoir are given by 13Ci/Ci and 14Ci/Ci. The model also takes into account the effects of radioactive decay. The radioactive decay constant for 14C is 1=1.21 x yr-' (Table I) , whereas it is zero for the stable isotopes 12C and 13C.
Reconstructipn of anthropogenic effects on the past carbon budget
Estimates of the history of CO, emissions (measured in GtC/yr) from the burning of fossil fuels E,,,, , , , are greater than the sum of the modeled uptake of carbon by the oceans plus the observed accumulation of carbon (in the form of CO,) in the atmosphere. In an attempt to balance the carbon budget we attribute the difference to the net uptake of carbon by the terrestrial biosphere (Siegenthaler and Oeschger, 1987; Wigley, 1993; ., 1994).
To reconstruct the past carbon budget, we calculate the history of land use emissions from
The observed record of CO, concentration from the Siple ice-core (Friedli et al., 1986) Friedli et al., 1986) and thereafter it is from the Mauna Loa Observatory, Hawaii (Keeling et al., 1995) . The continuous line is a spline fit through the observed data which is specified as the atmospheric concentration in the model, and has been used to estimate the emission rate of carbon dioxide from land use changes by eq. (5). burning of fossil fuels given by Marland et al. (1994) is shown in Fig. 3 . The ocean carbon cycle model described in the previous section (Jain et al., 1995) is used to calculate the rate of accumulation dNo/dt of mass of carbon No in the oceans with the atmospheric concentration of CO, specified to be the spline fit to the observed record. The net uptake of carbon by the terrestrial biosphere dNb/dt is calculated from eq. (5). Land use emissions are then calculated from the rate of uptake of carbon by terrestrial biosphere feedbacks Sbiosphcric (calculated in response to the spline fit to the observed history of atmospheric CO, (spline fit) using the approach in the model description given in the previous section (Kheshgi et a]., 1996)) and dN,/dt by eq. (6). In this way the modeled carbon cycle is forced to replicate the smoothed history of atmospheric CO, concentration. A similar approach was used by the IPCC (IPCC, 1996) to reconstruct the past carbon budget.
The curves for oceanic and net biospheric uptakes shown in Fig. 3 closely resemble those presented by the IPCC (IPCC, 1996) . In Fig. 3 , land use emissions Eland are larger than EhSsil , , , .
in 19th century, while the reverse is seen in the 20th century where there has been a rapid increase in fossil fuel emissions. After 1890, a slow increase of net terrestrial biospheric uptake occurs up to 1975, followed by rapid decline and then a increase starting in the early 1980s. This increase is presumably due to fluctuations in Esssil that was not picked up in the smoothed atmospheric CO, record. Fig. 3 also shows a continuous increase of oceanic uptake over the period . Our model estimated carbon budget over the period 1980-1989 as shown in Table 2 is well within the range of estimates summarized by the IPCC (IPCC, 1996) .
The past reconstruction of the I3C and 14C cycles are created based on the reconstruction for total carbon summarized in Fig. 3 and Table 2 . We start from a model steady state determined by the parameters listed in Table 1 . The calculated initial atmosphere (1765), and oceanic concentrations of 613C and A14C are given in Table 1 . The 13C steady state is determined by the fractionation coefficients and the exchanges of total carbon. The radiocarbon steady state adds the effects of a cosmic radiation source of radiocarbon in the atmosphere and decay of radiocarbon in all the carbon reservoirs (Jain et al., 1995) . The changes in atmospheric 14C could also be caused by changes in 14C production rates which are correlated to the sunspot index (Stuiver and Quay, 1980) . Because of the uncertainty in the variation of production rate of 14C and its negligible effect on 14C ratio (Bacastow and Keeling, 1973 ) over the time scale of 100 years (1850-1950), we do not account for this effect in our calculations and thus assume constant cosmic 14C production. The mean production rate of I4C from cosmic rays is taken to be equal to 2 atomscm-z s f 1 (Suess, 1955; Craig, 1957) . More recently O'Brien (1979) and Stuiver and Quay (1980) also calculated the I4C production rates. O'Brien (1979) estimated cosmogenic production rate over the period . His estimated production rate values vary between 1.88 and 2.12 atoms cm-z s-'. Stuiver and Quay (1980) calculated the mean 14C production rate from neutron flux and sunspot index measurements of 1.88 0.38 atoms c m Z s -~ over the period from 1868 to 1967. However, when the sunspot index is assumed zero, the estimated mean 14C production rates of O'Brien (1979) and Stuiver and Quay (1980) are approximately 2.0 atoms cm-z s-', consistent with the value used in this study.
The time evolution of 613C in the atmosphere, oceans and biosphere is calculated with the addition of information on the 613C history of fossil fuel emissions. For 613C of fossil fuel emissions from 1850 to 1950 we use the estimates given by Tans(l98la). After 1950 we use the estimates given by Andres et al. (1993) which is based on updated " Fossil fuel taken from Marland et al. (1994) . b' Atmospheric accumulation is calculated from the changes in atmospheric CO, concentration measured from the Siple ice core (Neftel et al., 1985; Friedli et al., 1986) and at the Mauna Loa Observatory (Keeling et al., 1995) over the time periods listed in the Table. " Net biospheric accumulation calculated by subtraction. d' The magnitude of the modeled biospheric feedback is adjusted by choice of / I to result in 11. Gt C land use emissions for the time period 1980-1989. " Land use emissions calculated by subtraction. "rror limits correspond to an estimated 90% confidence interval. A net biospheric sink due to CO, fertilization (5-20 Gt), nitrogen fertilization (2-10 Gt C) and climatic effects (0-10 Gt C).
h' This is a sum of net emissions from changes in tropical land use (16f 10 Gt C) and the carbon sink due to Northern Hemisphere forest regrowth (5 f 5 Gt C).
fossil and qment production data (Marland et al., 1994) . The estimated value of 613C in 1990 is -28%0, which is 4%0 less than the estimated 1850 value of -24%0. Prior to 1850, we assume that the 613C of fossil fuel emissions is equal to the 1850 estimate.
Prior to 1950, the time evolution of A14C in the atmosphere, oceans and biosphere is calculated. After 1950, above-ground testing of nuclear weapons led to a source of radiocarbon in the atmosphere. The rate of bomb-production of radiocarbon, however, is not well known. In this study we prescribe the average observed atmospheric AI4C after 1950 (Tans, 1981b; Broecker and Peng, 1994 , and the references cited therein), calculate the response of A14C in the oceans and biosphere, and infer the bomb-14C production rate from the rate of change of the atmosphere/oceans/ biosphere inventory of 14C.
In the following sections we compare our model estimates of isotopic concentrations in different carbon reservoirs with the observed data.
'The evolution of atmospheric 13C and 14C
Changes in atmospheric b13C and A14C match the modeled responses of atmospheric composition to the emissions of fossil fuel biospheric carbon as shown in Fig. 4 and summarized in Table 3 .
The carbon in fossil fuels and the terrestrial biosphere have 613C values of roughly -25%0 compared to the atmospheric 613C of roughly -7'??0 (Friedli et al., 1986) ; therefore, the transfer of either fossil or biospheric carbon to the atmosphere reduces the atmospheric 613C. The observed 613C data shown in Fig. 4a , 1995) . The accelerating decrease of 613C is caused in the model system by the increasing fossil fuel plus net biospheric emissions shown in Fig.3 . Measurements by Keeling et al. (1979 Keeling et al. ( ,1980 Keeling et al. ( ,1989 and Mook et al. (1983) show that the 613C has decreased from -6. 79?0 in 1956 to -7.34%0 in 1978 and to -7.68%0 in 1988 . Together the data summarized in Fig. 4a indicate that the 6 13C of atmospheric CO, has decreased by 1.46%0 from 1765 to 1988 which is consistent with our model estimated 613C change of 1.48%0. Separately, the ice core data from 1800 to 1980 and the Mauna Loa data from 1956 to 1988 show 613C decreases of 1.14+0.15%0 and 0.89*0.13%0 which are consistent with our model estimated decreases of 1.27%0 and 0.85%0 for the these two periods (see Table 3 ).
The dilution of AI4C, know as the Suess effect (Suess, 1955) , is apparent in measured atmospheric 14C before 1950 (Fig. 4b) , after which A14C increases drastically due to radiocarbon produced by above-ground nuclear weapons tests. This dilution effect is mainly due to the emission of 14C-free CO, from the burning of fossil fuels, which lowers the atmospheric A14C. Emissions (or exchange) of CO, from the above ground reservoirs of carbon have a 14C ratio nearly the same as the atmospheric ratios. The soil reservoirs, on the other hand, have a very slow exchange with the atmosphere, although they have a lower value of A14C due to radiocarbon decay of the old carbon. Therefore, compared to the fossil-CO, emission, the emission and exchange of carbon between the terrestrial biosphere and the atmosphere is expected to have a small effect on the atmospheric 14C ratio.
By measurement of A14C in tree-rings representing the period 1840 through 1950, Stuiver and Quay (1981) found a reduction in atmospheric A14C of -20 + 4%0 (see Table 3 and Fig. 4(b) ) and Keeling (1973) found a -25%0 effect; our modelestimated effect on atmospheric A14C over this time period was -20%0 (see Table 3 ). Our model estimated atmospheric A14C from 1840 to 1950 are shown in Fig. 4b to be consistent with tree ring data (Stuiver and Quay, 1981) . Fig. 4b shows the modeled evolution of A14C from 1950 to 1990, if we neglect the bombproduction of radiocarbon and continue to calculate the atmospheric A14C. In the absence of bomb production, the model estimates an atmospheric change of A14C from 1950 to 1990 is -50%0. Of course, in reality, there is significant bombproduction of radiocarbon in the atmosphere after 1950, which we consider in Section 6. " Ice core measurements (Friedli et al. 1986 ). bJ Mauna Loa measurements (Keeling et al., 1979 (Keeling et al., , 1980 (Keeling et al., , 1989 . " Measurements for Berumuda Coral (Nozaki et al., 1978; Druffel and Benavides, 1986 ).
*' Global estimate (Quay et al. 1992).
" Tree ring data (Stuiver and Quay, 1981) . Radiocarbon measurements for Pacific and Atlantic corals (Druffel and Linick, 1978; Druffel and Suess, 1983) . 8J Estimates based on GEOSECS data (Broecker et al., 1995) 
The evolution of 13C and I4C in the surface waters of the oceans
Changes in atmospheric 613C and A14C are modeled to cause changes in the isotopic composition of the ocean mixed layer.
Analyses of Bermuda coral by Nozaki et al. (1978) and Druffel and Benavides (1986) indicate a 613C decrease in the ocean mixed layer of -0.45 f 0.05%~ from 1800 to 1970 as compared to our model result of -0.52%~ (Table 3) . Our 613C decrease for the ocean mixed layer of -35%0 from 1970 to 1990 are somewhat lower than the recent estimates of -3Yh0 obtained by Quay et al. (1992) over the same period (Table3). A possible explanation for the difference is the fact that the Quay et al. estimates are based on Pacific Ocean data and do not include 613C data from the Indian and Atlantic oceans. Druffel and Linick (1978) and Druffel and Suess (1983) measured a change of -9 +3%0 in the ocean mixed layer A14C over the period 1850-1950. This estimate is based on the average of the radiocarbon measurements for Pacific and Atlantic corals which includes, for example, Florida coral (-1 l%o), Belize coral (-12%0), and Galapagos coral (-6%~). Our carbon cycle model predicts a mixed layer decline of -6.6%~ over the same period (Table 3) .
Oceanic dissolved inorganic carbon, 13C and I4C at the time of GEOSECS
A primary motivation for using tracers to calibrate ocean carbon cycle models is the difficulty of estimating from direct measurements the net uptake of carbon dioxide by the oceans, or the net accumulation of carbon in the oceans. The pre-industrial radiocarbon has been used to calibrate ocean-carbon cycle model parameters, in particular for the ocean-atmospheric exchange coefficients (Broecker et al., 1985) and ocean mixing parameters (Oeschger et al., 1975; Jain et al., 1995) . To test the dynamic model response, we compare our model results to the measured values of oceanic dissolved inorganic carbon (DIC), the 613C of DIC, and bomb-produced radiocarbon in DIC. The requirement that a model reproduce these tracers further constrains the model response over decadal time scales (Broecker et al., 1985; Kheshgi et al., 1995) . Variations in the concentration of dissolved inorganic carbon with depth are controlled by several processes: vertical mixing, the rate of production of particulate organic carbon in the mixed layer (ocean net primary production), and the depth profile at which settling particulate organic carbon (POC) is respired and released as dissolved inorganic carbon (Kheshgi et al., 1991) . Note that this model takes into account first two processes only. In Fig. Sa the GEOSECS-derived data of Takahashi et al. (1981) intended to be applicable for that time. The model-estimated surface ocean DIC concentration of 2.11 mol/m3 is close to the GEOSECS-derived value of 2.09 mol/m3 (Takahashi et al., 1981) . The .
observed concentration of DIC increases as one descends from the surface to reach a maximum at about 1000 m and then decreases toward the ocean floor. The consistency of the depth profile of DIC ' generated by the model, which contains an upwelling/diffusion model for vertical mixing and an exponential depth profile for the release of inorganic carbon from the settling particulate organic carbon, to the GEOSECS-based data shows that the modeled processes are sufficient to reproduce this behavior.
The 613C of DIC provides a further constraint on the carbon cycle and helps us understand the invasion of fossil fuel CO, into the main thermocline. Carbon isotopes are fractionated during dissolution in sea water, the production of organic matter, and the formation of CaCO, (see Table 1 for fractionation coefficients). The variation of the 613C of XCO, can be used to evaluate the relative importance of the vertical mixing of DIC and the transport of carbon by the settling of POC. Fig. 5b shows the comparison of the observed GEOSECS depth profile of 613C of DIC with the modeled values. The 613C decreases with depth as the DIC maximum zone ( = 900 m) is approached because of the addition of isotopically light C 0 2 from the respiration of P O C (McNichol and Druffel, 1992) . Below this zone, mixing with isotopically heavier bottom water causes 613C to increase (Kroopnick, 1985) . Fig. 5b shows that the model-estimated depth profile for the year 1974 is consistent with the GEOSECS observed data. The modelestimated surface ocean 613C concentration was 1.87%0 compared to the GEOSECS measured value of 2.W0 (Kroopnick, 1985) . The bomb-14C tracer is used to examine mixing processes capable of removing 14C (or C 0 2 ) from the atmosphere on a decade time-scale. This is in contrast to the pre-industrial distribution of 14C, which was used to calibrate the ocean mixing parameters K and w, and is sensitive to slow mixing processes ( w 500 yr) approaching the halflife time of radiocarbon (5730 yr). Since the rate of 14C produced by nuclear weapon tests is not precisely known, the global-mean-annual atmospheric A14C derived from observations and listed by Tans, (1981b) and Broecker and Peng (1994) are prescribed from 1950 to 1990. The model estimate is compared in Fig. 5c to the observed depth profile of A14C in the ocean for the . GEOSECS year 1974 constructed by Shaffer and Sarmiento (1995) . Bomb-produced 14C causes the high values of A14C above the thermocline (at depth less than 1000 m). While the model slightly underestimates the A14C near the thermocline. elsewhere the model is able to reproduced the observed bomb 14C distribution.
In order to quantify the amount of anthropogenic CO, taken up by the oceans, we have also estimated the depth-integrated changes and the mean penetration depth of change in the ocean A14C and 613C as defined by Broecker et al. (1985) , Quay et al. (1992), and Jain et al. (1995) .
The observed estimated changes in the depthintegrated 613C and the penetration depth between 1970 to 1990 were -208 +45%0 m and 520 + 115 m, based on 613C measurements in the Pacific Ocean and the ocean-wide extrapolation with the use of the bomb 14C burden, as discussed by Quay et al. (1992) . Our model-estimated values of depth-integrated 613C and the penetration depth are -15W0 m and 432 m for the period . Table3 shows that our modelestimated value of penetration depth is within the range of uncertainty of the observation-based estimate. However, the model-estimated value of depth-integrated 613C is outside the estimated range of uncertainty of the observation-based value. While there are differences between model and observed values, we feel that the uncertainty in the globally-averaged depth-integrated 613C value based on observations is greater than estimated by Quay et al. (1992) , considering the very limited amount of data; uncertainties could be reduced by continued oceanic 613C measurements.
The change in the ocean inventory and the implied penetration depth of bomb-14C estimated by Broecker et al. (1995) from 1950 to the nominal GEOSECS year of 1974 are 8.5k0.9 x loi3 atoms/m2 and 328 + 30 m, respectively (see Table 3 ). Our model-estimated bomb-14C inventory of 9.0 x 1013 atoms/m2 and the penetration depth of 308 m are about 6% higher and 7% lower, respectively, than the observation-based estimates. Note that the parameter values of K and w are able to reproduce the ocean inventory of bomb-produced 14C even though the values were calibrated to match the natural 14C oceanic distribution.
Closure of the global budget of bomb radiocarbon
Two recent studies (Broecker and Peng, 1994; Hesshaimer et a] ., 1994) have found that their model-estimated growth of global inventory of radiocarbon does not balance the independently estimated rate of radiocarbon production from nuclear weapons tests. Hesshaimer et al. (1994) attributed this imbalance to the overestimation of about 25% in the amount of the ocean uptake of 14C at the time of GEOSECS survey (Broecker et al., 1985) . Broecker and Peng (1994) suggested that the imbplance in the bomb 14C budget might be due to undetected 14C concentrations in the stratosphere, or error in the model estimated change of the ocean inventory with time. Joos ( 1994) compared the three different modelestimated changes (Hesshaimer et al., 1994; Broecker and Peng, 1994; Siegenthaler and Joos, 1992) in bomb 14C inventories for mid-1965 to mid-1989 with the known bomb 14C sources and concluded that the model-estimated global inventories are about 10-15% higher compared to the total bomb 14C production. More recently, Broecker et al. (1995) have re-revised the observed estimates of global ocean bomb 14C inventories for the GEOSECS time period (1972) (1973) (1974) (1975) (1976) (1977) (1978) , giving values consistent with their earlier estimates (Broecker et al, 1985) . Based on an ocean carbon cycle model calibrated to the re-revised estimates of observed ocean I4C inventory, Broecker et al. (1995) were able to account for all the bomb 14C within the limits of uncertainty. , using an ocean general circulation tracer model have also estimated the bomb 14C budget and reached conclusions similar to those of Broecker et al. (1995) .
In Table4, we have compared our modelestimated bomb 14C inventories for stratosphere, troposphere, biosphere, and ocean reservoirs, and the bomb 14C production between mid-1965 and mid-1989 with other model results. The estimated results for the model of Siegenthaler and Joos (1992) are taken from Joos (1994). The estimated results for Broecker et al. (1995) are taken from their fig. 18 . Broecker and Peng (1994) and Broecker et al. (1995) provided their models' inventories for January 1 of the year. In order to get the mid-year value, we have simply taken the average of consecutive years.
Comparison of the change in ocean inventory of radiocarbon for the period 1965 to 1989 estimated by different studies, as summarized in Table 4 , shows that our model-estimated ocean inventory is within + 10% of other estimates, with the exception of Broecker and Peng (1994) . We believe the uncertainty of our estimate (90% confidence interval) to be equal to the proposed f 10% uncertainty of the data-based estimate of bombradiocarbon ocean inventory on 1 January by Broecker et al. (1995) ; a heuristic argument for this uncertainty is that both the data-based estimate (1950 to 1975) and other data constraints (e.g. the depth profile of radiocarbon in the oceans) are used to reduce the uncertainty of our estimate over the different time period (1965 to 1990) . Our model-estimated value of 286f 29 x loz6 atoms is about 13% lower than the estimate of Broecker and Peng (1994) . This difference is due to the fact that Broecker and Peng (1994) calibrated their model to give a bomb-radiocarbon oceaninventory on 1 January, 1974 of 370 x loz6 atoms, (Telgadas, 1971) .
Uncertainties estimated by quadratic error addition.
which is abou,t 20% higher than their re-revised inventory of 305 x loz6 atoms. Broecker et al. (1995) later recalibrated their model based on the re-revised data-based ocean inventory, and then estimated the change in ocean inventory of radiocarbon for the period 1965 to 1990 to be 300 x loz6 atoms (value taken from their figure 18), which is only 5% higher than our estimate. Biospheric inventories of bomb-14C are quite uncertain, because there are no accurate databased estimates of bomb-14C inventories that can be used to calibrate or constrain model processes. We assume that uncertainty (90% confidence interval) in the biospheric estimates of radiocarbon inventory is 40%, as did Joos (1994) . The biospheric inventory estimates between mid-1965 and mid-1989 of five model studies shown in Table 4 , range from 37 to 99 x loz6 atoms. Our model estimated bomb-14C inventory for the terrestrial biosphere over the same period of 92 f 37 x atoms is within our range of uncertainty of other estimates.
The tropospheric inventory used in our carbon budget is calculated from the measured AI4C (Tans, 1981b; Broecker and Peng, 1994 ; and the references cited therein) and model estimated P C , 6I4C and atmospheric CO, content which is taken to be 85% of the total atmospheric CO, content (which is proportional to the spline fit to CO, data shown in Fig 2) . The estimated uncertainty in tropospheric 14C inventories between 1965 and 1990 was of the order of f 10% (Joos, 1994) which is also assumed in this study. The estimated tropospheric inventory for the period is -148 + 15 x atoms, which is slightly lower than the Hesshaimer et al. (1994) estimate of 150 x loz6 atoms.
The stratospheric inventory, adopted from , , is calculated by our two dimensional (latitude and altitude) chemicalradiative-transport model of the global atmosphere (Wuebbles et al., 1991; Kinnison et al., 1994) . Unlike Hesshaimer et al. (1994) and Broecker and Peng (1994) , the modeled stratospheric residence time of bomb-14C is dependent on the magnitudes of the stratospheric circulation, which is derived from first principles. The timedependent lower boundary values specified by the model were obtained from data by Johnston (1989) . The 14C concentration and the resultant inventory are calculated by prescribing the 14C input from the atmospheric bomb tests, which is based on the compilation of bomb strength data (Hesshaimer et al., 1994 , and the references provided therein). The model also takes into account bomb-14C production created by the nuclear tests created in the atmosphere during . The model estimated 14C concentrations in the troposphere and stratosphere, as well as stratospheric inventory compare well with the observed data in the analyses by Telegadas, ( 1971 ) and Johnston (1989) (Kinnison et al., 1994) . The model stratospheric inventory corresponds to the 15% of the stratospheric mass. The 14C results of this model have also been compared in assessment studies to other two and three dimensional models (Prather and Remsberg, 1993) and are representative of current understanding of stratospheric processes. The observed stratospheric calculations of Telegadas (1971) are based on aircraft and balloon data. However, as noticed by Tans (1981) , these aircraft and balloon data cannot be calibrated with the ground-based collection. The Telegadas (1971) estimates of tropospheric input of bomb 14C are, on average, 20% higher than the tropospheric estimates made from ground-based CO, collections, as well as when they are compared to high altitude measurements by Ergin et al. (1970) . Broecker and Peng (1994) and Broecker et al. (1995) suggest that inconsistency in the global bomb radiocarbon inventory might be due to stratospheric radiocarbon missed in the measurements. We assume that the stratospheric inventory estimates are good to within +20% (90% confidence limit). Our model-estimated change in stratospheric radiocarbon inventory between mid-1965 and mid-1989 is -117+23x loz6 atoms compared to the Hesshaimer et al. (1994) estimate of -110 x atoms. In the present study, the cumulative production of bomb-14C for the period 1965-1989 is estimated from bomb strength data (compiled in units of megatons, Mt, TNT by Hesshaimer et al., 1994) , and by adopting a constant cumulative bomb-14C production per Mt TNT parameter that will match to global change in modeled 14C inventory (sum of stratosphere, troposphere, biosphere, and ocean inventories) during the period 1950-1963 of intense nuclear weapons testing as seen in Fig. 6 . ory, as of 1990 was 740 x atoms compared to cumulative bomb 14C production of 640 x loz6 atoms. The uncertainty in current estimates of bomb-14C production could, however, be as large as 50% (based on private communication with R. Lougheed of Lawrence Livermore National Laboratory, also see Wuebbles, 1995) because the amounts of radionuclides generated by different bomb tests are not well known. Although, various estimates exist in the literature for the characteristics of individual tests (Bauer, 1979) , there does not exist a database that brings together all of the information on these tests and the radionuclides produced. The estimated cumulative production between mid-1965 and mid-1989 in this study is taken to be 56 & 28 x loz6 atoms compared to the Hesshaimer et al. (1994) estimate of 55 +22 x atoms. Table 4 shows that our model-estimated bomb 14C budget imbalance for the period was 58 + 69 x atoms which is approximately the same as previously calculated by Hesshaimer et al. (1994) . However, the imbalance is well within the range of our hypothesized uncertainties. Our analyses suggest that there is no need to revise the global ocean inventories, but rather develop an inventory of radionuclide production (and characteristics) from atmospheric nuclear tests, and evaluate the utility of this inventory in support of modeling of global atmospheric and oceanic processes. These analyses and modeling studies will provide meaningful tests and validation of the capabilities of carbon cycle models.
Model impulse responses: CO,, I3C and I4C
The response of a model atmosphere to an impulse of CO, to the atmosphere can be used to characterize the behavior of the global carbon cycle model (Enting et al., 1994; Kheshgi et al., 1996; Kheshgi and White, 1996) . The impulse response function is also required to determine the Global Warming Potential (GWP) that characterizes the relative measure of the potential effects on climate from various gas emissions as compared to CO, (IPCC, 1990 (IPCC, , 1996 . Furthermore, the response to an impulse of radiocarbon has been used to further describe the carbon cycle system (Broecker and Peng, 1982; Siegenthaler and Oeschger, 1987; Joos et al., 1996) , although there has been some confusion as to the interpretation of this information (IPCC, 1996) . Fig. 7 shows the time-responses of the model atmospheric concentration to small impulses of CO,, 14C and 13C to the atmosphere. The impulse response curves have been calculated by adding a small amount of CO, into an atmosphere with steady-state COz, 14C and "C concentrations (identical to the 1765 atmosphere estimated from 597 the values listed in Table I ), integrating forward and calculating the concentration differences from the constant background case. The impulse response curves shown in Fig. 7 are normalized to the size of the impulse; therefore, the impulse response has a value of one at time t=O. The impulse responses for I4C and "C are not visibly different in the figure. When a pulse of CO,, 14C or I3C is added to the atmosphere, a fractions of the pulse are take up by the terrestrial biosphere and by the oceans. In order to differentiate the effects of the oceans and the terrestrial biosphere, results are shown for two different incarnations of the model. For the responses labeled "ocean", the model does not contain a biosphere which exchanges carbon with the atmosphere for each of the impulses. For the responses labeled "ocean + biosphere", the model contains an interactive biosphere. The impulse response for CO, decreases due to dissolution of a fraction of the impulse in the ocean, and the incorporation of a fraction of the impulse in the organic carbon of the model plants and soils. The biospheric uptake is a consequence of modeled biospheric feedbacks to increasing CO, concentration by a CO, fertilization effect and a dependence of photosynthesis/ respiration on global-mean temperature (which depends on CO, concentration). The CO, response also depends on the background CO, concentration (in this case it is a constant 278 ppm), as has been studied in detail by Kheshgi et al. (1996) . The impulse response for the isotopes (14C and I3C) is, according to the model mechanisms, different than for CO,. For the case with no biosphere, the isotope response initially declines at nearly the same rate as the CO, impulse. This is because the initial rate of impulse dissolution of both CO, and the isotopes are limited by air/sea exchange by virtually the same extent. At a later time, the ocean-fraction of the isotope impulse exceeds that of the CO, impulse, and ultimately leads to a larger ocean fraction for the isotopes. This is because, in equilibrium, a change in the isotopic concentration in the oceans corresponds to a similar relative change in the atmospheric concentration; whereas, a change in the total carbon concentration in the oceans corresponds to a much larger relative change in the partial pressure of CO, in sea water (by an amount equal to the differential buffer factor) and, correspondingly, to a much larger relative change in atmospheric concentration of CO,.
There is a quite large difference between the runs with and without a biosphere, demonstrating the importance of the terrestrial biosphere for the carbon cycle. For the case with an interactive biosphere, the isotope biospheric fraction of the impulse increases more rapidly than that for CO,, even at short times. This is because a primary limit to isotope uptake is the mixing (or turnover) of carbon into the biospheric carbon reservoirs, until the reservoirs contain an isotopic ratio (to total carbon) roughly equal to that of the atmosphere. The biospheric uptake of CO,, however, is controlled by the modeled biospheric feedbacks, and not the turnover of carbon directly. For example, if the two biospheric feedbacks of CO, fertilization and the dependence of photosynthesis/ respiration on global-mean temperature were turned off, the biospheric fraction of a CO, impulse would be zero (Kheshgi et al., 1996) , whereas there would still be isotopic uptake due to the turnover of biospheric carbon of different composition than the atmosphere. Use of model response to impulses of carbon isotopes as a model diagnostic may well have potential.
Conclusions
A carbon cycle model describing the exchange of carbon between the atmosphere, ocean and terrestrial biosphere has been applied to estimate the isotopic anomaly in the atmosphere, the ocean and the biosphere. This model for the carbon cycle is constructed to be consistent with our understanding of the global carbon cycle. Validation of the capability of the model to represent this understanding is partially based on the analysis of tracer records such as those for 13C and 14C; therefore, in addition to reproducing the past record of CO, concentration, it is important that a carbon cycle model also be able to reproduce tracer records. Different tracers are sensitive to different components of the model. For example, the modeled absorption of CO, by the oceans is closely related to thk ocean inventory of bomb-produced I4C from atmospheric nuclear testing in the 1950s and early 1960s. The past variation of 13C is related to the emission or uptake of CO, by the terrestrial biosphere and fossil fuel burning, because of the
